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Paris Diderot, Sorbonne Paris Cité, IPGP, UMR 7154 CNRS, F-75013 Paris, France. E-mail: basuyau@ipgp.fr
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1 I N T RO D U C T I O N
The Tibetan Plateau, with an average elevation of ∼5 km above
sea level and a crustal thickness double to the normal thickness
(∼70–80 km) is generated by the collision and post-collisional intracontinental deformation of the Indian and Eurasian plates (e.g.
Molnar et al. 1973; Molnar & Tapponnier 1975; Patriat & Achache
1984; Molnar & Stock 2009). The mechanisms leading to the accommodation of this convergence are still not well known and the
processes causing the localization of the deformation within the
Tibetan Plateau remain hotly debated. Several scenarios have been
proposed for the tectonic evolution of Tibet such as accommodation by internal deformation within the blocks related to the viscous
behaviour of the continental lithosphere (e.g. Houseman & England 1993; England & Molnar 1997), block extrusion along major
strike-slip faults (e.g. Tapponnier et al. 1982, 2001), southward subduction of Asian lithosphere under Tibet (e.g. Kosarev et al. 1999;

C

Kind et al. 2002; Li et al. 2008) and thrusting of the Indian lithospheric mantle under the plateau (e.g. Ni & Barazangi 1984; Powell
1986; Holt & Wallace 1990; Owens & Zandt 1997) including the
lower crust (Nábělek et al. 2009).
Nevertheless, the complex processes involved in this area are
most likely a combination of two or more of the above behaviours.
As lithospheric imaging remains a crucial tool to identify these processes, many geophysical studies have been performed throughout
Tibet and the Himalayas (Zhao et al. 1993; Nelson et al. 1996;
Alsdorf et al. 1998; Hauck et al. 1998; Nábělek et al. 2009).
The extent, the geometry and the particularly high elevation of the
Tibetan Plateau have up to now rather favoured 1-D (single measurements) or 2-D (along profiles perpendicular to the observed structures) explorations. However, lateral variations are likely present
and could (1) explain differences in geophysical images on separate profiles and (2) result in different mechanisms of deformation
accommodation (e.g. Xu et al. 2011). So, the complexity and the
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SUMMARY
Our knowledge and understanding of the 3-D lithospheric structure of the Himalayas and
the Tibetan Plateau is still challenging although numerous geophysical studies have been
performed in the region. The GOCE satellite mission has the ambitious goal of mapping
Earth’s gravity field with unprecedented precision (i.e. an accuracy of 1–2 mGal for a spatial
resolution of 100 km) to observe the lithosphere and upper-mantle structure. Consequently,
it gives new insights in the lithospheric structure beneath the Himalayas and the Tibetan
Plateau. Indeed, the GOCE gravity data now allow us to develop a new strategy for joint
gravimetry-seismology inversion. Combined with teleseismic data over a large region in a
joint inversion scheme, they will lead to lithospheric velocity-density models constrained in
two complementary ways. We apply this joint inversion scheme to the Hi-CLIMB (Himalayan–
Tibetan Continental Lithosphere during Mountain Building) seismological network which was
deployed in South Tibet and the Himalayas for a 3-yr period. The large size of the network, the
high quality of the seismological data and the new GOCE gravity data set allow us to image
the entire lithosphere of this active area in an innovative way. We image 3-D low velocity
and density structures in the middle crust that fit the location of discontinuous low S-velocity
zones revealed by receiver functions in previous geophysical studies. In the deeper parts of
our velocity model we image a positive anomaly interpreted to be the heterogenous Indian
lithosphere vertically descending beneath the centre of the Tibetan Plateau.
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variability of the crustal and lithospheric structures still remains
poorly constrained and 3-D studies are urgently required to better
understand the processes involved in the deformation of Tibet.
The Gravity field and steady-state Ocean Circulation Explorer
(GOCE) satellite has been specially designed to gain new insights
into the geodynamics associated with lithosphere, mantle composition or subduction processes by giving the gravity field anomalies
for the whole Earth with an accuracy of 1 mGal for a spatial resolution of 100 km. In this study, we invert these new gravity data
in order to get a 3-D view in an area only previously geophysically
constrained along the Hi-CLIMB network. We will unravel the nonuniqueness of gravity inversion by jointly inverting the GOCE data
with the teleseismic data. We thus propose doubly constrained 3-D
lithospheric models for a region that starts at the Ganges Basin,
crosses the Himalayas, the Yarlung-Tsangpo Suture (YTS) and the
Bangong-Nujiang Suture (BNS) to the centre of the Qiangtang Terrain (Fig. 1). The seismological Hi-CLIMB main array has a dense
station spacing (∼5–10 km) and therefore (1) is particularly adapted
to crustal and lithospheric imaging and (2) has a spatial resolution of
the same order of magnitude as GOCE data at lithospheric depths.
Note that even by including the lateral stations East of the HiCLIMB profile, the seismological data coverage is still too sparse
to confidently detect any lateral variations.
2 PREVIOUS GEOPHYSICAL STUDIES
Many geophysical studies have been performed in order to image crustal and mantle structures of the Himalayas and the
Tibetan Plateau. A major contribution to the knowledge of the

crustal structure of the southern Tibetan Plateau has been given
by the results of the International Deep Profiling of Tibet and
the Himalayas (INDEPTH) projects. Active seismic surveys of the
INDEPTH II project conducted in the Yadong-Gulu rift (east of
the Hi-CLIMB main array) show large negative amplitudes in near
vertical reflections and strong P-to-S converted amplitudes in three
component wide-angle reflections (so called ‘bright spots’, Brown
et al. 1996). The passive-source seismological survey of the same
project shows substantial variations in the velocity structure beneath southern Tibet and point out the presence of low-velocity
zones through receiver functions analysis (Kind et al. 1996). These
low velocity zones are located between 15 and 30 km depth. The
tops of these low-velocity zones, usually modeled as a solid–fluid
interface (Makovsky et al. 1996), fit with the location of the ‘bright
spots’ previously cited. The nature of the crustal fluids is debated
but is mostly thought to be a granitic magma (e.g. Brown et al. 1996)
while some argue for the presence of free aqueous fluids (Makovsky
& Klemperer 1999).
The Hi-CLIMB passive seismological experiment gave insights
into the lithospheric structure on a 2-D profile that crosses the
entire Himalayas and half of Tibet (Nábělek et al. 2009). From a
receiver function study in south Tibet, between the main Hi-CLIMB
array and the INDEPTH experiment’s line, Hetényi et al. (2011)
pointed out the presence of low velocity zones at ∼20 km depth
with limited thickness (10 km) and a lateral extension of ∼50 km.
These LVZ are characterized by their apparent non-continuity and
by the partial correlation between their location and the spatial
distribution of Tibetan grabens (see Armijo et al. 1986, for tectonic
origin).
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Figure 1. Topographic map of the Himalayan–Tibetan collision zone with the Hi-CLIMB temporary seismological network (left-hand panel) and the Bouguer
anomalies deduced from GOCE measurements (right-hand panel). On both maps, the black triangles represent the 152 stations of the Hi-CLIMB experiment’s
main array, used for the joint inversion. The two dashed black lines mark the Bangong-Nujiang Suture (BNS) and the Yarlung-Tsangpo Suture (YTS).

Joint inversion of teleseismic and GOCE data
3 D ATA A N D M E T H O D

The objective of this study is to image lithospheric structures beneath the Himalayan range by jointly inverting GOCE gravity data
and teleseismic delay times. Joint inversions of ground gravity data
and teleseismic delay times have already been successfully performed in different geodynamic contexts (e.g. Tiberi et al. 2003;
Basuyau et al. 2010). In such approaches, ground gravity data give
information on crustal structure whereas teleseismic delay times
constrain the deeper parts of the lithosphere. Here, we propose to
apply this type of joint inversion with space gravity data. Owing
to the longer wavelength content of GOCE compared to ground
gravity data, we will bring more constraints to the lower crust
and the lithospheric mantle in this inversion. This implies doubly
constrained velocity and density models at mid- and upper-crustal
depths.
Hereafter, we present the two data sets and detail the joint inversion method we use.

3.1 Gravity data
The first data set is the complete Bouguer anomaly map deduced
from GOCE measurements above the Himalayas and the Tibetan
Plateau. The first GOCE data have been released to the scientific
community by the European Space Agency (ESA) during Summer 2010 as spherical harmonic coefficients of the gravity field
model. Until now, we dispose of three kinds of gravity field models
(http://earth.esa.int/GOCE ). Whereas the first model contains only
GOCE data (Time-wise solution, Pail et al. 2011), the two others
are combined models. The Space-wise solution is a compilation of
GOCE data and information from the EGM2008 model (Pavlis et al.
2012), combining ground and satellite data (Migliaccio et al. 2010;
Pail et al. 2011). Finally, the Direct-solution, combines GOCE gradiometer measurements with data from the GRACE mission for the
long wavelength components of the gravity field (Bruinsma et al.
2010; Pail et al. 2011).
Available ground data in the study area are unevenly distributed
and their quality is heterogeneous and not fully controlled. Moreover, the Hi-CLIMB main array runs along a 1-D profile and will
therefore give information on the crustal structure along a swath
only. Very little information is thus expected on crustal structures
and the contributions of ground data (space-wise solution) are then
negligible to our problem. Consequently, we preferred to use a
gravity field model based on satellite data only and we retained
the Direct-solution (’EGM_GOC_2/GO_CONS_EGM_GOC_2__
20091101T000000_20100110T235959’, hereafter called GOCE
model). This model is based on the combination of data acquired
during the first 2 months of GOCE mission and presents a spherical
harmonic expansion up to degree/order 240. It benefits from the
complementarity of both GRACE and GOCE space missions for
mapping the long- and mid-wavelength variations of the Earth’s
gravity field.
We derived the first complete Bouguer anomaly deduced from
GOCE data computed at ground level using ETOPO1 (1-arcmin
grid) (Amante et al. 2009, http://www.ngdc.noaa.gov/mgg/global/
global.html) global elevation model, in order to provide a direct
view of the effect of density variations below the topography. The
complete Bouguer anomaly was computed using an average density
of 2670 kg m−3 for topographic loads and slab correction using the
FA2Boug software (Fullea et al. 2008).
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Magnetotelluric studies have also been performed on the plateau
(Wei et al. 2001; Unsworth et al. 2005), some of which during the
INDEPTH II experiment (Chen et al. 1996). They point out low
resistivity values in the southern Tibetan crust over a wide area
(>1000 km), which could be interpreted as a partially molten layer
(Unsworth et al. 2005). However, the thickness and origin of these
conductive features are still debated (partial melt, aqueous fluids,
etc.).
Summarizing, recent geophysical studies agree on the presence
of significant negative velocity anomalies in southern Tibet that
coincide with the top of an electrically conductive zone and are
mostly correlated with the presence of grabens at the surface. The
continuity of these velocity anomalies remains a key question in
the understanding of the geodynamics and growth of Tibet. Indeed,
it conditions the widespread partial melt scenario which is a fundament of channel flow models to explain upward extrusion and
exhumation of lower crust (Beaumont et al. 2004; Royden et al.
2008).
Large-scale gravity studies were also performed in this area and
they have given new insights on 3-D Moho undulations over the
entire Tibetan Plateau (i.e. Braitenberg et al. 2000; Shin et al. 2007,
using ground and GRACE gravity data, respectively), testifying to
large scale crustal thickness variations correlated with the border
and tectonic sutures of the Tibetan Plateau.
The understanding of (1) the present continental collision processes and (2) the transition from former oceanic to continental subduction requires a deep knowledge of the upper-mantle structure.
Unfortunately, geophysical studies have not yet provided explicit
constraints on the actual extent of the Indian lithosphere underneath the Tibetan Plateau in a 3-D view. Indeed, some authors argue
that the entire plateau is underlain by the Indian lithospheric mantle
(e.g. Shapiro & Ritzwoller 2002; Zhou & Murphy 2005; Priestley
et al. 2006, on the basis of fast surface wave propagation and P-wave
traveltime tomography, respectively). Other studies based on uppermantle S-wave propagation show low velocities under the northern
and central Plateau (e.g. Lebedev & Van Der Hilst 2008). In between
those two interpretations are many studies. Tilmann & Ni (2003a)
rather conclude that the Indian lithosphere underthrusts the plateau
as far as the Bangong-Nujiang Suture in Central Tibet (Fig. 1) where
it sinks subvertically. The images of the INDEPTH-II experiment
(Nelson et al. 1996) suggested that intact Indian continental lithosphere underthrusts the Himalayas but provide no insights into its
continuity further north (Zhao et al. 1993). Kosarev et al. (1999)
suggest that the Indian lithosphere dives northward near the YTS
and detaches beneath central Tibet. The recent Hi-CLIMB experiment that provide a finer image of the Indian Plate’s penetration
beneath south Tibet up to 31.3◦ N supports this last interpretation. In
addition, the lower crust may be converted to denser eclogite facies
(Nábělek et al. 2009; Hetényi et al. 2007).
Most of these interpretations result from 2-D experiments
whereas the studied lithospheric features have inherently 3-D and
complex structures. Recent large scale 3-D gravity inversions and
traveltime tomography beneath Tibet and surroundings regions reveal (1) considerable spatial variations in crustal depth and mantle
structure along the collision zone and (2) that Indian lithosphere underlies only the southwestern part of the plateau and that the central
and northeastern part is underlain by lithosphere of Asian origin
(Li et al. 2008). However, their images are strongly dependent upon
the ray coverage and the event azimuthal distribution. Additional
geophysical data are needed to overcome this problem and bring
new constraints for the upper-mantle structure.
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After interpolating the data set, we use complete Bouguer
anomaly values that range from –635 to 9 mGal. This amplitude
range is perfectly coherent with the Bouguer map of Shin et al.
(2007) from GRACE model EGM96. However, further comparison,
especially for the wavelength content, is not possible as these authors filtered and upward continued the GRACE data they used. The
complete Bouguer anomaly map is shown on Fig. 1, and it presents
a long wavelength gradient perpendicular to the Himalayan front. A
shorter wavelength component can be observed parallel to the trend
of the orogen.

3.2 Seismic data

Figure 2. Azimuthal coverage of the 226 earthquakes used in this study. We
only consider events with epicentral distance between 30◦ and 95◦ and with
a P phase that is easily isolated.

We simultaneously invert GOCE gravity data and relative delay
times recorded in the Himalayas using a joint inversion in the sense
of Lines et al. (1988) and Lees & VanDecar (1991). This iterative
method refers to an empirical relationship between velocity and
density to obtain 3-D velocity and density models. Hereafter, we
first briefly describe the method, then we introduce the geometry
of the velocity and density models and finally we present the set of
initial parameters.
This method was first implemented by Zeyen & Achauer (1997)
and then developed by Jordan & Achauer (1999) and Tiberi et al.
(2003). In this scheme, gravity and density variations are associated
by a linear relationship taken from Birch (1961)
V P = B ρ,
where B is a coefficient with values ranging from 2 to
5 km s−1 g−1 cm3 depending on rock type (Birch 1961), pressure
and temperature conditions (Christensen & Mooney 1995). This B
coefficient is considered, together with gravity and velocity variations, as an inversion parameter which varies with depth to reflect
its statistical and pressure dependent fluctuations. However, to ensure the coupling between density and velocity variations and the
stability of the inversion, we constrain B variations in several ways:
first, we assign a low standard deviation (0.05 km s−1 g−1 cm3 ) to
keep the B coefficient in a reasonable range of values. Secondly,
we calculate a correlation coefficient between density and velocity
for each layer. If this correlation is higher than given threshold of
the B coefficient, B is then forward calculated from these values.
If not, the B value is taken from the previous iteration. This highly
non-linear problem is solved with an iterative least-squares method
based on a Bayesian approach (Zeyen & Achauer 1997) so that
any a priori information can be introduced to minimize the set of
possible solutions (smoothing, standard deviation, model geometry,
etc.).
As the joint inversion method used here has already been extensively described elsewhere (Zeyen & Achauer 1997; Tiberi et al.
2003), we will only detail here our model parametrization. Velocity variations are calculated on unevenly distributed nodes with a
gradient interpolation between them (Thurber 1983).
We compute the gravity effect of the model by summing the
contribution of individual blocks (Blakely 1995) with varying densities. To reduce the edge effect we use extended blocks far from
the model limits. Each layer of density blocks must correspond to
a layer of velocity nodes. We impose the velocity nodes’ geometry
so that each density block contains at least one velocity node.
We divided our model into nine layers distributed from the surface
down to 400 km depth. Each layer is composed of 24 velocity nodes
and 20 density blocks in the east–west direction and 28 velocity
nodes and 25 density blocks in the north–south direction. Blocks
and nodes are unevenly distributed to take into account the data
distribution and particularly the finer spacing between seismological
stations at the surface. The density block size varies from 20 to
50 km and the lateral spacing between velocity nodes ranges from
10 to 50 km.
Recent receiver function analysis (migration and waveforms inversion) provide tight constraints on the evolution of Moho depths
and velocity–depth profiles for the crust beneath the Hi-CLIMB
network (e.g. Nábělek et al. 2009; Hetényi et al. 2011). However,
we choose not to include those results as a priori information in
our initial model for two reasons. First, the applied joint inversion
scheme uses a 3-D ray tracing in an iterative scheme which bans
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The seismological data set comes from the main array of the HiCLIMB experiment whose purpose was to investigate continent–
continent collision across the entire lithosphere, from the Ganges
Basin to the centre of the Tibetan Plateau through the Himalayas
(Hetényi 2007; Nábělek et al. 2009). The main array is composed
of 152 broad-band stations organized in two phases of a roughly
north–south oriented profile (Fig. 1).
The seismological stations were deployed for a minimum of 1 yr
between 2002 October and 2005 August; details of the deployment
can be found in Hetényi (2007). We consider teleseismic events
recorded at 146 stations for epicentral distances between 30◦ and
95◦ , with a clear P phase and a magnitude higher or equal to 5.5.
Fig. 2 shows the azimuthal distribution of the 226 teleseismic events
selected with these criteria. It clearly illustrates that most of the
events occurred east of the network even though we expect few rays
to illuminate the western part of our model.
Finally, the selected teleseismic events provide more than 10 300
P relative arrival times which have been calculated using IASP91
reference earth model (Kennett & Engdahl 1991). For each of them
we assigned a quality parameter that mainly expresses picking error
that we estimate to range between ±0.02 and ±0.15 s.

3.3 Joint inversion method

Joint inversion of teleseismic and GOCE data
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Table 1. Initial parametrization for the joint inversion.
Layer
1
2
3
4
5
6
7
8
9

Depth range (km) for
Density blocks
Velocity nodes
0–20
20–50
50–80
80–120
120–170
170–225
225–280
280–350
350–450

0
40
70
110
150
200
250
320
400

Vp
(km s−1 )

Density
(g cm−3 )

B factor
(km s−1 g−1 cm3 )

σV
(km s−1 )

σD
(g cm−3 )

5.0
7.0
7.4
8.0
8.0
8.0
8.1
8.2
8.2

2.67
2.8
3.1
3.3
3.3
3.3
3.3
3.3
3.3

3
3
3
3
3
3
3
3
3

0.005
0.005
0.005
0.005
0.005
0.005
0.005
0.005
0.005

0.005
0.005
0.005
0.005
0.003
0.001
0.001
0.0005
0.0005

4 R E S U LT S
Before discussing the results, we need to assess the resolving power
of the inversions. Estimating the resolution is a crucial point in any
tomographic study that must be carefully investigated. In our case,
the resolution of the gravity signal is quite easy to investigate as
data are evenly distributed on the study area. However, the seismic
velocity resolution is highly dependent on the azimuthal distribution
of the sources. To assess the resolving power of the tomographic
part we create a fictitious earth model with known velocity perturbations. Then, through this model, we compute the synthetic seismic
traveltime residuals for the actual ray set and invert this synthetic
data set in the same manner as the actual inversion.
In parallel, as velocity and density perturbations are linked
through a Birch type law, we evaluate the density perturbations associated with our fictitious velocity model. Then we inquire whether
the contribution of these perturbations to the gravity field matches
the GOCE’s gravity field accuracy.

4.1 Checkerboard test
To appraise the resolving power of the velocity part of the inversion
we test the ability of our ray geometry to retrieve a checkerboard
model. The checkerboard geometry is a conventional approach in
synthetic modelling as it allows (1) to identify regions of good ray
coverage, (2) to evaluate the amplitude of the smearing effect and
(3) to estimate the shortest wavelengths of the anomalies that can be
resolved with our ray configuration and our inversion parametrization.
In the fictitious model we alternate positive and negative velocity
variations in layers 2 and 8 (40 and 320 km depth, respectively). The
initial variation is set to ±7 per cent for layer 2 and ±6 per cent for
layer 8. We designed variable size anomalies and put the smallest
ones (∼80 km wide) directly beneath the seismological network
whereas the biggest anomalies (∼150 km wide) are at the edges
of the model as illustrated in Fig. 3. However, for the shallowest
layers, the 1-D geometry of the network associated with the very
low angle of incidence of teleseismic rays will necessarily confine
the resolved area to the centre of the model.
The recovered velocity structure from the inversion of the
checkerboard geometry (Fig. 3) shows the ability of our inversion
to distinguish the perturbing structures from one another at 40-km
depth, indicating a good lateral resolution in this layer. The existence of velocity anomalies in the underlying layers illustrates the
common smearing effect due to the propagation of the anomalies
along near-vertical ray paths. As classically observed, the resolved
area grows larger with depth as the ray angle widens and there are
more rays crossing. It clearly appears that the anomalies located in
the eastern part of the model are well retrieved with a maximum perturbation of ±2.5 per cent. This can be easily explained by the very
heterogeneous azimuthal distribution of the events coming mostly
from the east (Fig. 2). Nevertheless, the initial perturbations are
geographically correctly retrieved except in the northeast corner of
the model where there is a lack of crossing rays.

4.2 Velocity and density models
Fig. 4 shows the overall decrease of the rms through five iterations which, associated with its stationarity afterwards, indicates
the good convergence of the inversion. Accordingly, we now discuss the velocity and density models obtained after five iterations.
The convergence is also affected by the standard deviation value
we imposed on the B coefficient (0.05 km s−1 g−1 cm3 ). The total decrease of the rms is more than 91 per cent and more than 48
per cent for the gravity and delay times, respectively. This points out
how well the retrieved density and velocity models explain both the
gravity data and the delay times. The final density and velocity
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the integration of any a priori crustal delay time correction from
the receiver functions in our particular case. Indeed, the correction
for the crustal part of the delay times requires a calculation for each
ray path at every iteration which is very time-consuming. Second,
these Moho depth and velocity profiles are unevenly distributed,
that is, localized only along the seismological profile while our
model is 3-D. Plus, with our layering and the gradient velocity calculation within the velocity nodes (Thurber 1983), we can not take
into account detailed variations of the velocity models. To avoid
working with second order anomalies with heterogenous a priori
constraints, we prefer to invert for the full signal and interpret the
results accordingly.
We generate an initial model composed of homogeneous layers
with an average B coefficient value of 3 km s−1 g−1 cm3 for each
layer. In that sense, we are aware that the velocity and density variations we find will also reflect lateral Moho depth variations. Thus,
we will use the receiver function results to a posteriori constrain
our model. We present in Table 1 our starting parameters. Note that
we depth-varied standard deviation for density contrasts to approximate the exponentially varying decrease in contribution of density
variations to the gravity signal with depth. Furthermore, velocity
nodes are inverted and constrained only if more than five rays pass
in their vicinity.
We run several tests to determine the most suitable values
for smoothing parameters (0.001 g cm−3 km−1 for density and
0.005 km s−1 km−1 for velocity), that is, values that ensure a good
balance between realistic contrasts and moderate spatial variations.
They also prevent solutions that include short-wavelength variations
that signal instabilities.
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Figure 4. Evolution of the root mean square through iterations for delay
times (red) and gravity anomalies (blue). Note that after five iterations, no
more significant decrease is observed, indicating the end of the convergence
and the stationarity of the solution.

anomalies range between −0.5 and 0.5 g cm−3 and 5 and −5
per cent, respectively, indicating reasonable values at the lithospheric scale.
The evolution of the B coefficient, linking velocity and density,
through the iterations and for each layer is illustrated in Fig. 5.
This graphic shows that, for each layer but layer 2, the B coefficient
through the iterations is stable and close to 3 km s−1 g−1 cm3 indicating a good compatibility between velocity and density variations.
The decrease of B factor in layer 2 corresponds to the smallest
correlation, and depicts the difficulty of the inversion in finding
a single suitable B factor in that case. In this layer, there are regions where density and velocity are badly correlated, principally
because of a difference in the sampling of the structures (Basuyau
et al. 2010). We will discuss this issue more fully in the following
sections.

Figure 5. Evolution of the B coefficient of each layer through iterations.

To ease the description and the understanding of our results, we
hereafter separate the crustal and mantle parts of the velocity and
density models.

4.2.1 Crustal structure
The crustal part of the velocity and density models resulting from
the joint inversion of GOCE gravity data and teleseismic delay
times are shown in Fig. 6. For all layers, high amplitude density
anomalies located at the eastern boundary of the studied area are
artefacts generated by edge effect of the coarse gridding at this
particular longitude. It is obvious from the opposite sign of these
anomalies between layers at 40 and 60 km.
The first three layers are characterized by the highest gravity and velocity contrasts (between −0.5 and 0.5 g cm−3 and 5
and −5 per cent, respectively) and low B coefficient values (less
than 3 km s−1 g−1 cm3 ). Whereas the velocity anomalies seem coherent through the three layers, we note that the density contrasts
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Figure 3. Checkerboard test for the inversion of velocity data. (upper panels) Depth slices through the retrieved velocity model to be compared to (lower
panels) the synthetic input velocity model. Black triangles indicate the seismological stations. Solid thin lines correspond to main sutures.
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change within the crust. The highest anomalies are recorded at
40 km depth and the signal evolves through longer wavelengths as
we go deeper (60 and 90 km depth).
Due to the absence of short wavelengths in the gravity signal and
the near-verticality of seismic rays we do not constrain the very
shallow structures corresponding to layer 1 of the final models. The
second layer of the density model is the most contrasted. Moreover,
at this depth, velocity and density perturbations are well correlated
except for the southern end of the network (south of 28◦ . At this
location, we expect the Ganges basin to create a strong negative
signature in the models. It is indeed expressed as a low density
contrast (−0.1 to −0.2 g cm−3 , see grey dashed circle on Fig. 6)
but the tomographic part of the inversion does not image the basin.
We explain this behaviour by the fact that teleseismic tomography
fails to image wide horizontal structures as the Ganges Basin (e.g.
Evans & Achauer 1993; Tiberi et al. 2000). Indeed, part of the
signal associated to this structure wears off when we correct the
time residuals for the associated seismological stations to obtain the
relative time residuals required in the case of regional tomography.
The expression of the Ganges Basin remains deeply rooted within
the density model, as its signal smears down to 90 km depth.
The evolution of the B coefficient is interesting to discuss because
it presents its lowest values at crustal depth and especially in the
second layer. B-value in layer 2 even keeps on decreasing after five
iteration while density and velocity models has converged (Fig. 4).
We explain this by layer 2 being a highly lateral heterogenous layer,
and by the discrepancy between the density and velocity models in
the southern part of the network (Ganges Basin) and at the centre

of the area (between the two sutures). Our B-factor is an average for
the whole layer, and at this depth, it should be greatly different than
the value classically used (about 3 Birch 1961) due to sediments,
water content, potential partial melt. Because of our choice of a
small standard deviation, the B factor in layer 2 cannot converge
enough in five iterations, explaining the curve in Fig. 5. Increasing
the number of iterations is useless in the sense it is not significantly
changing the density and velocity models, and the layer 2 B-factor
will not express any geodynamic reality as it only reflects an average
value.
North of 29◦ N, the strong low velocity signature at 40 km depth
corresponds to crustal material in Tibet due to the deepening of the
Moho, as imaged by Nábělek et al. (2009) using migrated receiver
functions. This signature blurs deep down to 90 km depth due to
the smearing along the vertical rays. The low velocity anomaly
disappears north of ca. 31◦ N, where the Indian Plate’s Moho stops
beneath Tibet (Nábělek et al. 2009). The associated signal in density
is a sharp gradient parallel to and south of the YTS, that appears
at 60 km depth and continues down to 90 km depth, illustrating the
contrast between mantle density south of YTS, and crustal one north
of YTS.
At 40 km depth, the gravity model is characterized by a sequence of elongated low density anomalies whose orientations are
roughly either parallel or perpendicular to the Bangong-Nujiang
and Yarlung-Tsangpo Sutures. These low-density variations cover
a large area and some of them seem to be connected. The central
part of these density anomalies matches low velocity perturbations
(at 30◦ N), but the ray coverage prevents any comparison away from
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Figure 6. Velocity (upper row) and density (lower row) contrast models for the crustal layers. Results are shown as depth slices through the final velocity and
density models, respectively. The black triangles represent the 152 seismological stations. The two thick black lines mark the Bangong-Nujiang Suture (BNS)
and the Yarlung-Tsangpo Suture (YTS) and the dashed grey circle at 40 km indicates the gravity anomaly related to the Ganges Basin. Thin lines contour lakes
on the Tibetan Plateau.
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the profile. We superimpose the second layer of our density model
on the structural map from Armijo et al. (1986), which details the
graben structures in extension on the Tibetan Plateau (Fig. 7).
The negative density anomalies are almost systematically located
beneath grabens and associated depressions. That said, the wavelength and amplitude of the anomalies clearly indicate a deeper
source than the sedimentary filling of the grabens. Besides, if the
signal came from sediment infill only, we should observe it beneath
all the grabens, which is not the case. From the lack of lateral resolution, we cannot detect any off-profile low velocity zones at this
depth (Fig. 3). However, receiver functions evidence low velocity
anomalies at about 20 km depth (Hetényi et al. 2011). The associated seismological stations were placed on Fig. 7, and the presence
of low S-wave velocity zones (red triangles, Fig. 7) is strongly
correlated with the location of low density anomalies. These locations correspond also to low resistivity zones in the middle crust
(Unsworth et al. 2005). Here, we show in addition that these zones
are not homogeneously distributed over the whole area, and may
be linked to lateral variations of the crustal rheology. Because of
the sensitivity of the MT to the fluids, these low velocity zones are
good candidates for the location of fluids, either conductive brines
or melt (Unsworth et al. 2005).
We tried to discriminate the nature of these fluids with a combination of our new results in density and the ones from Hetényi et al.
(2011). First, we deduced a density contrast using Hetényi et al.
(2011) results and the Birch’s Law
ρ = B −1 VS V P /VS
and compare it to our retrieved density contrast.
We took B coefficients ranging between ∼2 and 3 km s−1 g−1 cm3 ,
and VP /VS parameters between 1.8 (from Watanabe 1993, for a fluid
fraction that ranges between 0.0 and 0.15 or a melt fraction close to
0.0) and 2.4 (from Watanabe 1993, for a melt fraction that increases
up to 0.15). In all cases and considering the uncertainties on B and
ρ, this calculation returns density contrasts in agreement with the
one given by our joint inversion (−0.15 g cm−3 ). Thus, we cannot
discriminate between brine, melt or both with our approach.
Hetényi et al. (2011) place these low velocity anomalies at about
20 km depth whereas our inversion locates them deeper and the
parametrization of the methods are different. The receiver functions

are sensitive to sharp velocity contrasts, whereas our models include the whole thickness of low-density layers. In Hetényi et al.
(2011), the velocity profiles show low velocities down to 20–30 km,
consistent with an associated low density layer at 40 km depth in
our inversion.
The nature and amount of magmatic and/or aqueous fluids in the
Tibetan crust have been discussed in the literature (e.g. Makovsky
& Klemperer 1999; Li et al. 2003; Hetényi et al. 2011) and are still
a matter of debate due to the lack of direct observations.
Makovsky & Klemperer (1999)’s results imply that ca. 10 per cent
volume of free aqueous fluids in the Tibetan middle crust could
generate the bright spot reflections imaged during the INDEPTH II
experiment. Li et al. (2003) detected a major zone of abnormally
low electrical resistivity coincident with bright spots. To explain
these results, the authors invoke a layered model with fluids, that
is, partial melt, aqueous fluids or a combination of both; more
probably the existence of a thin layer of aqueous fluids overlying a
thicker zone of partial melt. Although the possible origin of aqueous
fluids is still debated, Hetényi et al. (2007) propose that the free
aqueous fluids may come from metamorphic dehydration reactions
at depth (underplating of the Indian crust and its eclogitization
liberating fluids below the LVZs) but do not preclude the existence
of magmatic fluids. Indeed most of the models to explain these
LVZs invoke the presence of a large amount of magmatic fluid (e.g.
Nelson et al. 1996).
Between the YTS and the BNS at 60 and 90 km depth, the imaged slightly higher velocity could be the expression of eclogites
between 60 and 75 km depth, previously identified as a ‘lower crustal
doublet’ (Kind et al. 2002; Nábělek et al. 2009; Wittlinger et al.
2009). If it is the case however, the associated density should be
much higher (Hetényi et al. 2007), whereas our density model
clearly shows negative anomalies at those depth. This discrepancy could come from (1) the fact that GOCE data is dominated
by the crust-mantle density contrast and does not reflect the progressive eclogitization of the Indian lower crust (Hetényi et al.
2007), and/or (2) the fact that the similar density of the eclogites
and the lithospheric mantle both south and north of the suture do
not yield density variations in this layer during the inversion. The
presence of eclogites have been deduced from 2-D seismological
profiles beneath the entire width of the Lhasa block (Wittlinger
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Figure 7. Structural map from Armijo et al. (1986) overlayed on our density model for layer 2 (40 km depth). For the resolved part of the model, the low
density anomalies correlate well with some of the extensive structures. Symbols correspond to the presence or absence of low-velocity zones in the upper to
middle crust from Hetényi et al. (2011).
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et al. 2009), and from ground gravity profiles along the Hi-CLIMB,
the HIMNT and the INDEPTH experiments (Hetényi et al. 2007).
Even with this wide lateral extension (400 km), GOCE data associated with our inversion parametrization are unable to image
them.

4.2.2 Upper-mantle structure
The upper-mantle structure is imaged by layers 4 (80 km depth)
down to 9 (450 km depth). The resulting anomalies vary between ±0.2 g cm−3 and ±4 per cent for the density and velocity,
respectively. The density model exhibits a long wavelength pattern
constant through all mantle layers. We interpret this gradient as
the blurring of the crustal thickening. Indeed, the inversion process
tends to place more easily long wavelength anomalies in the deeper
parts of the model rather than in the shallower layers. In addition,
as we do not expect to detect short wavelength density variations in
the GOCE gravity signal for the considered depth, we imposed very
low values of standard deviation for the deeper layers of the density
models. Consequently, the upper-mantle structure is mostly given
by the velocity model. For these reasons, our discussion focuses on
the velocity part of the model.
Fig. 8 shows a roughly NS cross-section through the velocity
model. This cross-section presents an eastward dipping plane (70◦ ),
covering the zone of densest ray-crossing. It thus images the best
resolved plane. For all layers, the northernmost part of the model
presents a low velocity anomaly (−2.5 per cent). South of BangongNujiang Suture, the velocity model is more heterogeneous from 140
to 250 km depth. An intriguing pattern is the low velocity anomaly
whose top is observed at 140 km depth, located beneath the YarlungTsangpo Suture with amplitudes reaching −4 per cent (see anomaly
I in fig. 8). This anomaly still remains at 250 km depth and seems

to fade out around 320 km depth . It corresponds to a high VP /VS
anomaly and no VP anomaly in Hung et al. (2011)’s tomography
study. However, high VP at this location is retrieved when using a
simple minimum norm or a convolution quelling scheme in their
work. In all cases, it corresponds to either a highly modified zone of
the lithosphere, or a lithospheric block with a low velocity/density
relative to the background.
Beneath 250 km, the model can be divided into three main parts
delimited by the trace of the major sutures (YTS and BNS). The
central positive anomaly reaches +3.5 per cent (see anomaly II in
Fig. 8), whereas the surrounding negative anomalies (north and
south) present amplitudes up to −1 and −3 per cent, respectively.
Fig. 9 shows a schematic north–south oriented cross-section through
our velocity and density models. We interpret this positive velocity
anomaly (anomaly II in Figs 8 and 9) east of the profile to be the Indian lithosphere beneath the Indian lithospheric mantle descending
near vertically at the centre of the Tibetan Plateau (as imaged with
the INDEPTH III experiment by Tilmann & Ni 2003b, east of the
Hi-CLIMB main array).

Figure 9. Schematic cross-section through our velocity and density models.
The red and blue shapes correspond to the low (I) and high (II) velocity
anomalies on Fig. 8.
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Figure 8. P-wave velocity variations resulting from joint inversion of teleseismic delay times and GOCE gravity data. Our velocity model is shown as
horizontal layers at four selected depths (left-hand panels) and as a dipping cross-section (right-hand panel). The thick dashed black lines are the location of
the dipping cross-section. Black triangles represent the seismological stations of the Hi-CLIMB experiment used in this study. The two black lines mark the
Bangong-Nujiang Suture (BNS) and the Yarlung-Tsangpo Suture (YTS). The green and blue thin dashed lines mark the location of the main velocity anomalies
discussed in the text (I and II, respectively).
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5 C O N C LU S I O N S
We have performed a joint inversion of GOCE and regional teleseismic data to focus on the imaging of lithospheric structures beneath
the Tibetan Plateau. Such an association enables an assessment of
the three-dimensionality of structures whose identification is fundamental to better understand ongoing geodynamic processes in
this active collisional zone. In this study, due to the linearity of the
seismological array and the near vertical geometry of ray paths, the
lateral variations observed in the crust are mainly controlled by the
gravity part of the joint inversion whereas the mantle anomalies are
mainly constrained by the tomographic part.
Main crustal features have been imaged such as the Moho deepening from south to north, the Ganges flexural basin and the probable presence of lower crustal eclogites beneath the central part of
the network. Moreover, we have pointed out the presence of density contrasts that fit with the location of local S-wave low velocity
zones revealed by receiver functions (Hetényi et al. 2011). Some
P-wave anomalies and electrically conductive structures have also
been imaged locally in the Tibetan Plateau, which have often been
interpreted as the effect of partial melt or crustal fluids. Our results
do not allow discrimination between the types and volumes of aqueous and/or magmatic fluids. However, in our density model, the low
density structures seem to have a 3-D continuity and appear to be
partly connected. Whether these anomalies correspond to partial
melt or aqueous fluids and whether they can be considered mechanically (or rheologically) connected is a key question upon which the
validity of channel flow models (e.g. Beaumont et al. 2004; Royden
et al. 2008) is very much dependent (Yin 2006; Hetényi et al. 2011).
In the mantle part of our models, we image a low velocity anomaly
located at about 200–250 km depth beneath the Yarlung-Tsangpo
Suture. At deeper level, the lack of continuity of this positive
anomaly highlights the heterogeneous nature of the Indian lithosphere, already suggested by the results of more regional S- and
P-wave tomography studies (Lebedev & Van Der Hilst 2008; Li
et al. 2008). At this depth and down to 400 km, a positive velocity anomaly located in between the two sutures is interpreted as
the Indian lithosphere descending vertically beneath the centre of

the Tibetan Plateau. The subvertical dip of the Indian lithosphere
proposed here could only be imaged at this particular position, and
the lithosphere may have a different geometry and nature west of
85◦ E. At this depth, the lack of continuity of this positive anomaly
highlights the heterogeneous nature of the Indian lithosphere, as
suggested by earlier studies.
Further studies are needed to refine the images of the lithospheric
structure of the Himalayas and the Tibetan Plateau. The GOCE mission is the first to produce gravity gradients at a global scale and
improved accuracy and spatial resolution. Their inversion at global
and regional scale would allow to better determine the source of
lithospheric gravity anomalies in depth and in location. Furthermore, gravity gradients considered together with seismological data
will help to infer the inner structure of the Earth.
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